Corresponding author address: Thierry Huck, GFDL, Princeton University AOS,Forrestal campus, Route 1, Princeton, NJ 08542, USA.Tel.: (609) 452-6540 Fax: (609) 987-5063 e-mail: tnh@gfdl.govOn the influence of the parameterization of lateral boundary layerson the thermohaline circulation in coarse-resolution ocean modelsTHIERRY HUCK AND ANDREW J. WEAVERSchool of Earth and Ocean Sciences, University of Victoria, P. O. Box 3055, Victoria, BC, V8W 3P6, CanadaALAIN COLIN DE VERDIØRELaboratoire de Physique des Oc�ans, Universit� de Bretagne Occidentale, B. P. 809, 29285 Brest cedex, FranceSubmitted to:Journal of Marine ResearchAugust 1998Revised:February 1999

2ABSTRACTBecause of the first order geostrophic balance in the ocean interior, the parameterization oflateral boundary layers has more influence than the parameterization of viscosity on thethermohaline overturning and the deep water properties in coarse-resolution ocean circulationmodels. Different formulations of momentum dissipation and associated boundary conditions areimplemented within a planetary-geostrophic ocean circulation model for a Cartesian coordinate,flat-bottomed, b-plane, with restoring boundary conditions for the surface density and zero windstress. Traditional Laplacian friction with a no-slip boundary condition produces an interiorcirculation in good agreement with geostrophy and the Sverdrup balance, but generates very largevertical (diapycnal) transports at lateral boundaries, especially upwelling in the western boundarycurrent and downwelling in the north-east corner. The meridional and zonal overturning are thusenhanced, but drive to depth surface waters that are not as cold as the ones in the deep convectionregions.Rayleigh friction with various frictional closures for the along-shore velocities within a no-normal-flow boundary condition framework efficiently reduces the diapycnal vertical transportsalong the boundaries, by allowing horizontal recirculation of geostrophic currents impinging intocoasts. Hence, these parameterizations induce weaker overturnings, with colder deep water and asharper thermocline resulting in higher poleward heat transports.We suggest that the upwelling along the boundaries is a consequence of the coarse-resolutiondynamics and not only horizontal diffusion (termed the �Veronis effect�, horizontal diffusionproduces large diapycnal fluxes once the isopycnals are tilted by coastal upwellings). Alternativeparameterizations for the lateral boundary layers reduce this effect without the need for rotating themixing tensor along isopycnals. This model comparison proves the need to clearly assess theextent of the diapycnal upwelling in the western boundary currents and to develop physically-basedparameterizations of lateral boundary layers in order to improve coarse-resolution OGCMs.

31. IntroductionA fundamental role of the ocean in the climate system is its ability to store and transport heatpoleward. In the North Atlantic, the main contribution to the poleward heat transfer is related to thethermohaline overturning (Bryan, 1962), driven by the formation of deep water in the northernseas. Hence, accurately modeling the thermohaline circulation is a crucial task for climate studies.Most current models are run at coarse resolution, the grid-spacing being an order of magnitudelarger than the Rossby radius of deformation. These models must then rely on the parameterizationof sub-grid-scale processes, including the effect of the most energetic mesoscale eddies on tracerand momentum (mixing and advection). Although the large scale thermohaline overturning iscaptured in these coarse-resolution simulations, many aspects of the results need to be improved:the thermocline is often too deep, the deep temperature and salinity fields are often too warm andfresh, respectively and the poleward heat transport in the North Atlantic is typically too weak(Bryan, 1987).B�ning et al. (1995) point out the upwelling in the western boundary current (WBC hereafter)as primarily responsible for this weakness through its role as a shortcut of the thermohaline cell.Veronis (1975) explained that this upwelling of cold water is necessary to balance the spuriouscross-isopycnal fluxes due to horizontal diffusion across steeply sloping isopycnals in the WBC.These cold waters that cannot make their way southward, significantly reduce the poleward heattransport, hence the whole efficiency of the thermohaline loop is compromised. B�ning et al.suggest that this phenomenon will not be avoided unless the Rossby radius of deformation isresolved. We will show that this upwelling is indeed reduced by implementing variousparameterizations for lateral boundary layers.During the last decade, most improvements in global ocean circulation modeling have focusedon the sub-grid scale parameterizations for tracers: Isopycnal mixing (Redi, 1982; Cox, 1987)along with a recent parameterization of mesoscale eddy-induced transport of tracers (Gent and

4McWilliams, 1990) reduces this upwelling, in agreement with the Veronis theory, although this issometimes limited by numerical constraints on standard advection schemes or computational cost(Weaver and Eby, 1997). These parameterizations lead to significant improvements concerning theregions of deep-water formation and the water mass characteristics (Danabasoglu et al., 1994;Danabasoglu and McWilliams 1995; Hirst and McDougall 1996). They have been shown toinduce colder deep water (Robitaille and Weaver, 1995) due to stronger Antarctic bottom waterformation and more pronounced North Atlantic deep water penetration in the Equatorial region,and consequently a less diffuse thermocline. The eddy-induced bolus velocities also directly reducethe upwelling felt by the tracers in the WBC (Lazar et al. 1999).The momentum balance of these models is rarely questioned despite the equivalence ofisopycnal mixing of potential vorticity (or isopycnal thickness) and vertical mixing of momentum(Rhines and Young, 1982; Greatbatch and Lamb, 1990; Gent et al., 1995; Tandon and Garrett,1996). Momentum dissipation is traditionally parameterized through Laplacian diffusion, copiedon molecular viscosity, given its good conservation and numerical properties. In eddy-resolvingexperiments, the more scale-selective biharmonic operator is used to enhance the eddy kineticenergy (Semtner and Chervin, 1988). But at coarse resolution, few alternatives have emerged toparameterize the Reynolds stresses in the momentum equations for representing barotropic andespecially baroclinic instabilities (Gent and McWilliams, 1996), and non-necessarily downgradientmomentum fluxes occurring in WBCs. The departure from geostrophy is necessary to produce athermohaline circulation because to avoid mass fluxes across ocean boundaries with geostrophicvelocities, the pressure has to be uniform along the walls (as at zeroth order in quasi-geostrophicmodels). If the pressure at a given latitude is the same at both western and eastern boundaries, nonet meridional geostrophic flow can be forced at any depth, at least in the absence of bottomtopography. Although dissipation is essential, the choice of boundary conditions (no-slip, free-slip

5or no-normal-flow) are not well justified at coarse resolution (Stewart, 1989), and theparameterization of lateral boundary layers is rarely implemented (Seidov, 1996).Zhang et al. (1992) demonstrated that at coarse-resolution, a purely geostrophic model withlinear momentum dissipation for the barotropic flow can reproduce the results of the primitiveequations (Bryan-Cox) for the evolution of tracer fields, but both are based on the same no-slipboundary condition. Lateral boundary layers, with their intense boundary currents, eddy kineticenergy, and upwellings (the California current for example) may significantly contribute to theglobal vertical transports, particularly crucial for the baroclinic thermohaline circulation. Even forthe wind-driven circulation, the lateral boundary conditions influence the separation of the GulfStream for instance (Chassignet and Gent, 1991; Verron and Blayo, 1996).Upwelling-downwelling adjacent to model boundaries have long been observed in suchnumerical ocean calculations but their significance has often been played down following Veronis(commenting upon Holland�s work) who attributed WBC upwelling to unrealistically large lateraldiffusivity coefficients. Various authors have also related the downwelling region east of the WBCto the horizontal diffusion through analytical, statistical and numerical methods (Masuda andUehara, 1992; Gough and Welch, 1994; Lazar et al., 1999), although no clear relation has beenproved with the intensity of the western upwelling. In contrast, we emphasize in what follows thedynamical aspect of the same problem that appears when geostrophic flows meet solid boundaries.At the coarse resolution of climate models the viscous boundary layers are not resolved and weshow that significant differences in the intensity of upwellings occur from differentparameterizations of the boundary layers under the same diffusivities. There is of course a lot ofuncertainties about the intensity of upwellings in the real ocean. However Csanady (1989)suggested that upwelling was a necessary consequence of potential energy conversion to the eddiesand ultimate dissipation. Using a two-level model forced by heating and cooling, Huang and Yang

6(1996) have shown analytically how the upwelling in the WBC arise naturally from ageostrophicdynamics to obtain a closed heat budget through advection without invoking eddy diffusivities.In order to clarify the role of the parameterizations for momentum dissipation and lateralboundary layers in coarse resolution thermohaline circulation models, we perform a precisecomparison in the same mainframe model, based on the planetary-geostrophic equations. Tosimplify the analysis, an idealized box-geometry is chosen for a Cartesian, mid-latitude, b-planeocean forced by restoring boundary conditions at the surface and zero wind stress. Indeed, thesteady state solutions show large discrepancies in terms of temperature and velocity fields,overturnings and global energy balance. Most of the differences are linked to vertical transportsalong the lateral boundaries (especially north-south).The outline of the rest of this paper is as follows: in the next section, we introduce the modelsbased on the planetary geostrophic dynamics together with the various parameterizations formomentum dissipation and lateral boundary layers (more details are given in the Appendix).Section 3 discusses their implications for the mean circulation and stratification, focusing on therole of the upwelling along the western boundary on the overall thermohaline circulation efficiency.Section 4 analyzes the models energetics concentrating on the convective and dissipative depletionof potential energy in relation to the lateral boundary conditions. Section 5 discusses the physics ofthe upwelling while section 6 presents the conclusions.2. The modelsa. The planetary geostrophic dynamicsThe present model comparison is carried out in Cartesian coordinates to simplify the set ofequations and gain in tractability and understanding. Although the use of these coordinates is notappropriate at the scale of an oceanic basin circulation, we expect only minor deviations in thebehavior of the model results when spherical coordinates are employed in our test basin restricted

7to a mid-latitude b-plane. As our primary concern is the sensitivity of the thermohaline circulationto various momentum dissipation and lateral boundary layers parameterizations, the non-linearinteraction with the wind-driven circulation is ignored and only thermal variations are consideredas a simple and meaningful way of dealing with density.A scale analysis of the primitive equations (PE hereafter) for typical coarse-resolution climaticstudies shows that time derivatives and non-linear terms can be neglected in the momentumequations, given that the time scale is much larger than a day or so and the spatial scale is muchlarger than the internal Rossby radius of deformation (Phillips, 1963; Hasselmann, 1982). We caneasily assess this simplification with the use of the Rossby number, which measures the ratio ofthe nonlinear terms to the Coriolis term: Ro=U/(f l)=O(10-2) for typical western boundaryvelocities U of 0.1 m s-1, Coriolis parameter f typical of mid-latitudes and grid size l of 100 km.Since Robinson and Stommel (1959) and Welander (1959), numerous ocean models have usedthis simplified set of equations known as the planetary geostrophic (PG further) or thermoclineequations (see Veronis, 1973 for a review):

fppzg Hk uu · + � =+ =� � = 1 000 0r¶ r¶ ¶rraTt T K T K TzT H H V+ � � = � + += -u Convection 2 2 20 1( )

where x (u) refers to the west-east axis (velocity), y (v) to the south-north axis (velocity) and z (w)to the vertical axis (velocity) oriented upward; r is the density, linearly related to temperature Tthrough a constant thermal expansion coefficient (a=2·10-4 K -1 and r0= 1 0 0 0 kg m-3 ); f is theCoriolisparameterequaltof0+ b y. Thesurfaceboundary conditionis

K T z Q C V P ¶ ¶ r=

( )0

,

8where Q is the surface heat flux [W m -2 ], distributedoverthemixed layerdepthassumeduniformly equaltothefirst leveldepth,andC P is thespecificheatcapacityof seawater.Q isparameterizedas arestoringboundary conditiontothesurfaceclimatologyfollowingHaney(1971): Q=Q2(T*-T1), where Q 2 is aconstantrelatedtotherestoringtimescale,T* theequivalentrestoringatmospherictemperatureandT1 thetemperatureof thefirst oceanlevel.Sincewe focuson themomentum equations,themixing of tracersfollows thesimplest choice,withspatiallyuniformhorizontalandverticaleddydiffusivities.ThemaincharacteristicofthePGequationsistheabsenceoftimederivativesinthem o m e n t u m equations,which thenbecome diagnostic.Hence,theintegrationprocedureis straightforward,especiallywhen thebarotropicmode is zeroas aconsequenceof no wind forcing,no bottomfrictionandflatbottom: abaroclinicpressure fieldis computed from thedensityfieldviathehydrostaticequation,thehorizontalbaroclinicvelocityfieldis thendeterminedfrom themomentum equations,theverticalvelocitiesarethenderivedfrom thecontinuityequation.Onlythefullprognosticequationsforthetracersremaintobeintegratedintime.Dissipation is usuallyaddedinthehorizontalmomentum equationstorepresentthesub-gridscaletransfers of energyandtoallowthevelocityfieldtomatch theboundary conditions.Therelationship between momentum dissipation, dynamicalboundary conditions,tracerdiffusion andboundaryconditionsrequiresspecialattentiontoendup withawell-posed setof momentum andtracerequations(SamelsonandVallis,1997a).In order to haveawidelyused referenceandtoassess thesimplificationswe make inour P G models, we compare our results withthose obtainedwiththefullPE of theMOM (ModularOcean Model, Geophysical Fluid Dynamic Laboratory: Pacanowski et al., 1991) for the same flat-bottomed, Cartesian, b-plane, rectangular basin with Laplacian viscosity and no-slip boundaryconditions. As in the PG experiments, the wind-stress is zero, the equation of state is a linearfunction of temperature only and restoring boundary conditions are applied to the surface

9temperature. We first show the negligible role of the vertical viscosity given the large horizontalviscosity coefficients required to solve for the frictional boundary layers (exp. 1 and 2 in Table 3).A rough scaling of the ratio of vertical to horizontal viscosity, assuming the minimum horizontalviscosity imposed by the numerical resolution of the WBC (physical values would be much lowerthough) and a typical vertical viscosity in the ocean interior, gives:

e = ()()» ·[ ] ·[ ] »- - -A x A z m s km m s mV HD D2 2 3 2 1 2 5 2 1 210 160 10 160 0 01( ) ( ) .

.The results (exp. 2 and 3) confirm the validity of the PG dynamics for these mid-latitudecoarse-resolution simulations (Weaver and Sarachik, 1991). In fact, the difference in the coding ofthe PG dynamics from the B-grid to the A-grid formulation using Laplacian viscosity and no-slipboundary conditions is more important than the effect of the non-linear terms (exp. 2, 3 and 4).b. Various parameterizations for Reynolds stress and lateral boundary layersZhang et al. (1992) used the PG equations with no explicit friction in the interior (except for thebarotropic wind-driven circulation) and no-slip boundary conditions (model PG0 here). Incomparison to the Bryan-Cox PE model used at coarse resolution under restoring boundaryconditions and wind forcing, their simple PG model produced comparable currents andthermocline depth, even though they employed higher vertical diffusivity and lower horizontalresolution in the PE model. This was interpreted as a consequence of the large eddy viscosity inthe PE model, although we find different results in our comparison using the same geometry,resolution, parameters and forcing (section 3d). Even with no friction added to satisfy the transfersfrom potential to kinetic energy, the numerical results are reasonable. Zhang et al. (1992) alsoanalyzed the influence of adding linear friction in the baroclinic momentum equations (modelPGR hereafter).Colin de Verdi�re (1988, 1989) used this set of equations with horizontal Laplacian viscosity tocheck the Sverdrup balance in a thermally driven case; wind stress was added later to study the

10non-linear interaction with the thermohaline component of the circulation. This model (PGLAhereafter), coded on an A-grid and solving the horizontal velocity field in spectral space, is usedhere to validate the B-grid code (PGL, consistent with the MOM grid) and to evaluate the effectsof the horizontal grid on the results.Winton (1993) used linear friction as well as Laplacian friction in similar mid-latitudesimulations to examine centennial thermohaline oscillations. When horizontal linear friction wasused with no-normal-flow boundary conditions, the tangential velocities along the boundaries weredetermined using the frictional vorticity equation applied to the center of boundary grid-boxes(Winton, 1993�model PGRW hereafter). This original closure, where the boundary condition isapplied to the vorticity instead of the momentum equations, is implemented here to provide analternative to the traditional no-slip and free-slip boundary conditions (both break the rotationalconstraint on horizontal divergence). Winton and Sarachik (1993) did not analyze in detail thediscrepancies induced by their original boundary layer scheme but instead concentrated on themechanism of the thermohaline variability; we pursue this work through a specific comparison ofthe influence of these parameterizations.Salmon (1986, 1990) showed that the use of linear friction in three dimensions results in awell-posed set of equations only if the hydrostatic approximation is relaxed. With a linear equationfor the tracers as well, he analytically found the important physical features of traditional models(mainly the scaling of coastal boundary layers), although the lateral non-hydrostatic boundarylayers were too narrow to be resolved explicitly. He showed some thermocline simulations in hislatter paper, but did not apply realistic forcing over a whole ocean basin. Here, we implement thisnon-hydrostatic set of equations (model PGRS) and observe a tendency towards convergence toWinton�s closure when the friction coefficient in the vertical momentum equation approaches zero(exp. 14 to 16 in Table 3).

11Samelson and Vallis (1997a, b) proposed an interesting alternative to relaxing the hydrostaticapproximation within linear friction by adding biharmonic diffusion for tracers, whose coefficientwas chosen to reduce diapycnal fluxes in the WBC (model PGR4 hereafter). The balance betweenharmonic and biharmonic tracer fluxes across the lateral walls provided the additional boundarycondition to define the along-shore tracer transport. Note that the implementation of this modelrequires a tracer equation slightly different from the others through the addition of biharmonicdiffusion, which induces the formation of significantly warmer deep waters.In order to compare these various parameterizations for momentum dissipation and lateralboundary layers, we consider a modular program iterating the tracer evolution by advection,diffusion and convection, using the traditional energy-conserving schemes in relation with thehydrostatic pressure formulation on a B-grid (Bryan, 1969; Semtner, 1986). The vertical velocityfield is computed from the continuity equation at the interface between the model levels. Pressureand temperature are defined at mid-levels in the centers of the model grid boxes while horizontalvelocities are defined at the corners (same level). Tables 1 and 2 summarize the differentcombinations of momentum dissipation and boundary conditions compared in the next section(the letter ’L’ is used for Laplacian viscosity while ’R’ refers to linear Rayleigh friction), while theAppendix describes their numerical implementation.c. A scaling for the vertical velocities in various lateral boundary layersThe choice of the viscosity coefficient for the Laplacian operator is dictated by the need toresolve the Munk boundary layer for vorticity dissipation: AH»2 b Dx 3 . Thegeostrophicbalancethenholds evenclosetotheboundaries, as shown by thehorizontalEkman number:E=AH/(fDx2)=2bDx/f»2Dx/a»0.06 (where a is the Earth�s radius). The traditionalno-slip boundaryconditionforces thehorizontalvelocitiestovanish attheboundary, which provides asimplescalingfortheverticalvelocitiesusingthehorizontalvelocityscalefortheflowsimpingingintothe

12coast: w=O(UDz/Dx)»(1 cm s-1·100 m)/160 km » 1 0 -5 m s-1 , i.e.verticaltransportof theorder of0.2 Sv (1 Sv”106 m 3 s—1 ) ineachgridbox alongtheboundaries. ThisscalingalsoappliestoP G 0 and PGR. Note thatfree-slipboundary conditionsdo notalterthisscaling(cross-shore derivativeofalong-shorevelocitydoesnotappearinthecontinuityequation)unlessalong-shore variationsofalong-shorevelocitiesbecomesignificant.Frictionalvorticityclosure,ontheotherhand,doesprofoundlyinfluencethecontinuityequationalong the boundaries. Using Rayleighfriction(giventhechoiceof thelinearcoefficienttoresolvethe Stommel boundary layer, eH»2 b Dx), the Ekman number (E=eH/f) is of thesame order as withLaplacianviscosity.However, Winton�s closurefor thetangentialvelocitiesforces adifferentscalingfromthecontinuityequation:

fwvuwOUzfUzfxz H x y H= + - � = » · -b e b e( ) ( , )D DD 2 10 7 ms-1

.One can see this vorticity constraint as a consequence of a baroclinic instability cascade occurringin lateral boundary layers (Csanady, 1989). However, we don�t try further to justify such a crudeclosure but rather look at its consequences for the thermohaline circulation.d. Model geometry, parameters and forcingThe Cartesian, b-plane, centered at 40�N,extends4480 km from 20�N to60�N, and5120 k m (roughly60�)inlongitude.Thehorizontalresolutionis160 km and the depth of the basin is 4500m, discretized by 15 levels (respectively 50·3, 100, 150, 200, 250, 300, 350, 400, 450, 500, 550·3m deep). Only PGRS differs with 6 times more vertical levels, all of uniform 50 m depth. Theuniform tracer mixing coefficients are typical for the resolution, with the horizontal and verticaleddy diffusivities respectively set at KH=700 m 2 s-1 andK V = 1 0 -4 m 2 s-1 . Thislattervalueis largerthanmeasuredintheinterioroftheoceanandis requiredtoobtainareasonableoverturningO(10Sv)withinabasinmuchsmallerthantheactualupwellingareaof deepwaterformed intheNorth

13Atlantic. A convection parameterization (Rahmstorf, 1993) is included to remove all staticinstabilities at each time-step. The momentum dissipation coefficients are derived from the scalingof the boundary layers for each parameterization: AH=1.5· 1 0 5 m 2 s-1 withLaplacianfrictionandeH=4.4·10-6 s-1 with linear friction. For PGRS, different values of the vertical frictioncoefficienteVare used (8.85 and 88.5 s-1,equivalentto0.03and0.3inthescalingofthehydrostaticequation).Theatmospheric forcing consists of restoring the sea surface temperature to zonally-uniformreference temperatures, linearly decreasing from 25�Cat20�Nto2�C at60�N. Therestoringtimescale is based on Haney (1971) estimated fluxes of 35 W m-2 K-1, equivalent to a 66 days restoringtime constant for the 50 m deep mixed layer. Additional tests with fixed flux (Neumann) andfixedsurfacetemperature(Dirichlet)boundary conditionsindicatedour conclusions on theeffectsofmomentum dissipationandlateralboundary layerparameterizationsareonlyslightlyaffectedbythis choice. We present the results from theexperiments withrestoringboundary conditionssincetheyarethemost commonly used inoceanmodels: theseexperiments leadtoasteady-statesolutionwithrealisticsurfacefluxes (fixedheatfluxes usuallydrivedecadaloscillations,whileDirichletconditioninduceunrealisticallyhighsurfacefluxesintheGulfStreamregion).e. Preliminary grouping of the models and their resultsStarting from an initial uniform temperature of 4�Cinthebasin, we ranthemodels toasteadystate (3000 years) by which time the residual surface heat flux varied between 10-3 and 10-5 W m -2 .PGL, PGLA andtheMOM arevirtuallyidenticalsincetheyimplement thesame dissipationscheme: theywillserve as our reference for the comparison. Through the analysis of globaldiagnostics as well as more detailed patterns, we found a large dependency in the results fordifferent dynamical boundary conditions. With reduced vertical transports along the boundaries,PGRW, PGR4 and PGRS show striking similarities when compared to other models. Thecomparison of the results from these two groups leads the discussion: the former represents the

14traditional PE models at coarse resolution with no-slip boundary conditions, the latter being analternative emphasizing horizontal instead of vertical recirculation along the boundaries, viatangential velocities along the lateral walls.3. The Veronis effect and the efficiency of the thermohaline circulationa. The mean circulationAfter an energetic spin-up of about 30 years, the mean circulation slowly settles into a steady-state on diffusive time scales. For all the models, the main features are in fair agreement withtheoretical expectations given the forcing: the meridional temperature gradient drives an eastwardzonal jet in the upper layers (reversed at depth for zero barotropic transport), that is shifted to thenorthern part of the basin (Fig. 1). This jet is fed by the WBC, originating from a weakerwestward jet at low latitudes (isotherms rise upward towards the tropical boundary) and theboundary upwelling with varying proportions according to the chosen lateral boundary layerparameterization. Deep-water is formed along the northern boundary where convection takes place,but most of the deep vertical mass transport occurs in the north-east corner. Upwelling regions arealong the western boundary and in most of the interior (Fig. 2), in agreement with the hypothesisof the Stommel-Arons (1960) theory. Abyssal waters have a weak northward motion in theinterior, but the most significant part of their flow is westward (eastward) along the northern(southern) boundary, and southward in the deep western boundary undercurrent. In the absence ofdenser waters from the other hemisphere, the stratification is very weak at depth. The circulation issplit into 2 layers, showing an anticyclonic (cyclonic) gyre in the upper (lower) layer, the flowbeing primarily horizontally divergent in each layer. With a uniform vertical diffusivity and noseasonal cycle, the thermocline is defined by the inversion of horizontal currents rather than by thesharpest density gradient (this is also where the largest vertical velocities occur): most of thedensity profiles are exponential with height except where convection occurs. The western

15intensification is not only due to the b-effect (since it is still present on an f-plane) but also to thedifferent efficiency of convection and vertical mixing processes affecting the upper layeranticyclonic circulation, as discussed by Colin de Verdi�re (1988) and Duffield (1993).As shown in Fig. 1, the differences in the horizontal circulation for the various models occurprincipally close to the boundaries. While PG0 is very similar to PGL in the north-east corner,PGRW departs fundamentally with northward-curving isotherms. This is due to the horizontalrecirculation of the eastward jet impinging into the eastern boundary, in sharp contrast with thevertical dissipation of this jet within no-slip boundary conditions. In addition, westward velocitiesalong the northern boundaries produce a limited subpolar gyre, whose similarity to observations(McCartney and Talley, 1982) was discussed by Winton and Sarachik (1993). These boundaryvelocities are responsible for the westward shift of the coolest region from PGL to PGRW. Thedynamics of the WBC also shows significant discrepancies: PGL illustrates the traditionalovershoot associated with Laplacian dissipation (Munk, 1950), and recirculation on the east side ofthe current (Masuda and Uehara, 1992). The models with linear friction lack these features: theyproduce a weaker northward transport of mass (10 to 12 Sv, column 9 in Table 3), consistent withthe differences in the wind-driven barotropic circulation between Stommel (1948) and Munk(1950) solutions. Consequently, the WBC has a much broader and diffuse signature, in terms oftemperature, with linear friction than with Laplacian viscosity. As a bias of the numerical boundarylayer, the WBC in PG0 is limited to one grid point but achieves a northward transport larger thanPGL (19 vs. 15 Sv). Finally, the no-slip boundary condition along the western boundary inducescold water in this region, brought by a large upwelling that is much reduced in PGRW: this will bediscussed in detail in section 3c.b. The geostrophic and Sverdrup balances

16Although the dynamics of the lateral boundary layer significantly influence the meancirculation, the interior velocities remain principally in geostrophic balance. As a consequence, weexpect the Sverdrup balance to hold as well. Colin de Verdi�re (1988) showed a relatively goodagreement for the Sverdrup balance (within 50% accuracy) and Stommel-Arons’s type of deepcirculation in the heated region of the basin. As shown in Fig. 2, the upwelling at the base of thethermocline is quite similar for all the models in the southern half of the basin, varying between4.4 and 5 Sv. It differs greatly along the boundaries and in the northern regions.Here we check the accuracy of the geostrophic and Sverdrup balances in the various models.As an alternative to the horizontal maps presented by Colin de Verdi�re, we simply plot thepercentage of the volume of the basin that satisfies each balance as a function of the tolerance (Fig.3). For the geostrophic balance, the relative error is computed as the norm of the vector differencebetween the Coriolis force and the pressure gradient, divided by the mean of the norms of the 2vectors (given the location of pressure and velocities on the B-grid, only interior velocity points areconsidered). For the Sverdrup balance, it is the absolute difference between (b v) and (f wZ ) dividedbythemeanofthe2positivevalues(fortheinteriorB-gridtracerpointsonly).PG0 is thebestapurelygeostrophicnumericalmodel cando:thegeostrophicbalanceissatisfiedby 100% of theinteriorpoints, buttheSverdrup balanceis notperfectbecauseofnumericalissues (only 80% of thedomain satisfiesa10% tolerance).Laplaciandissipationissatisfying in terms of geostrophy: 70% (90%) of thedomain satisfiesa2% (5%) tolerance,butisfar worse than PG0 for the Sverdrup balance:only20% of thedomain is withina10% tolerance.Linearfrictionis theworst: thefrictioncoefficientactsas acut-off,sincenoneof thedomainsatisfiesthegeostrophicbalancewithina3%accuracy.Thesatisfactiondensityincreasesslowly to60%(100%)fora5%(8%)tolerance.IntermsoftheSverdrupbalance,theaccuracyis disastrous,barelybetterthantheprobabilityoftolerancesatisfactionforrandomnumbers (shaded inFig. 3b).Thisis duetotheweakscaleselectivityof thelinearfriction.Scalingarguments inthevorticity

17equation determine the choice of the friction coefficient so that the dissipative boundary layerwould be resolved within a few grid-points. The emergence of the Sverdrup balance in theremainder of the basin requires a strong reduction of the dissipative term outside the boundarylayers and linear friction obviously lacks this ability.Of course, the choice of the friction coefficient is critical for these performances, although thehorizontal resolution needs to be changed accordingly to resolve the western boundary layer.Doubling the horizontal resolution and using a linear friction of 2% of the rotation rate of the earth(1.46·10-6 s-1 ) greatlyimproved theSverdrup balanceaccuracywithintheRayleighfrictionmodels, far above thesignificancelevel.Clearly,theaccuracyof theSverdrup balancerelieson averyaccurategeostrophicbalance:onlytheregionswherethelatteris verifiedwithinless than1%tolerancecanqualifyfor theformer. Thegeostrophicbalanceis accuratelysatisfiedinallthesemodels,buttheSverdrupbalanceisnot:itrequiresthefrictiontermstobenegligibleintheinterior,whileof order 1 inthedissipativeboundary layer.Thescale-selectivityof them o m e n t u m dissipationoperatoris crucial:Higher order operators(Laplacian,biharmonic) arerequiredfor agood accuracyof theSverdrup balance.Notethathechoiceof boundary conditionsis almostindifferenttothesebalancesastheyaredominatedbytheevaluationatinteriorpoints.c. Vertical velocities and overturningsThe meridional and zonal overturning streamfunctions (MOSF and ZOSF hereafter) aredefined as the vertical integration of the zonally- (meridionally-) averaged northward (eastward)velocities:

YM WestEastzy z v x y z dxdz( , ) ( , , ' ) '= - �0

;

YZ SouthNorthzx z u x y z dydz( , ) ( , , ' ) '= �0

.These diagnostics are certainly among the most sensitive to the choice of parameterizations in ourexperiments. The MOSF (Fig. 4, Table 3) varies from 7.6 Sv in PGRS to 15.6 Sv for PG0. Thesemass transports show the greatest sensitivity to the lateral boundary layer parameterization

18(PGRW vs. PGR), not to the momentum dissipation scheme (PGL vs. PG0). The frictionalclosures for tangential velocities within no-normal-flow boundary condition generate a MOSFbelow 9 Sv, the free-slip one with harmonic or biharmonic viscosity, around 11 Sv, and the no-slip one, above 14 Sv (whatever internal dissipation is chosen). The contribution of the westernupwelling to the meridional overturning reaches 5 to 6 Sv for PGL between 850 and 1900 m deep(where the MOSF is maximum), but 10 to 12 Sv for PG0 and only 1 Sv for PGRW. Comparingthe northward volume transport achieved by the WBC in the different models and the latitude of itsmaximum (columns 9 and 10 in Table 3), we found a good correlation with the MOSF in most ofthe cases, which confirms the schematic thermohaline loop where the WBC brings the water thatwill sink in the northern regions and feeds the deep WBC. However, the WBC transport is notalways larger than the overturning, as suggested by Stommel-Arons dynamics where themeridional interior circulation is opposed to the WBC.We observe the same variability in the ZOSF (Fig. 5, Table 3), showing the general pattern oftwo loops, one concentrated at the surface and extending along the western boundary, the otherdeeper along the eastern boundary. Both are associated with upwelling along the meridionalborders, especially the amplitude of the zonal overturning which is almost entirely set by themaximum upwelling along the western boundary. These two loops differ significantly in intensityand spatial distribution according to the boundary conditions employed: The eastern deep celltransports 2 Sv in PGRW and fills the whole width of the basin, but 4 Sv in PGL where it isdeeper and restricted to one third of the basin longitudinally. In agreement with the thermal windbalance, these patterns are coherent with the north-south density gradient, which is negative only inthe regions where the ZOSF is negative. The surface loop is even more variable, driving 2 Sv inPGRW (near the surface) and up to 8 Sv in PGL and 12 Sv in PG0 (extending to the bottom of thewestern half of the basin). The ZOSF is thus extremely sensitive to the parameterization of lateralboundary layers.

19The closure of lateral velocities along the boundaries, whose divergence feeds the verticalvelocity field, largely influences the overturning, since the divergence of horizontal flows in theinterior (and hence the generation of vertical velocities) are limited by the rotational constraint. InFig. 6 we examine the vertical velocities along the boundaries at the base of the thermocline indifferent models. The vertical velocity field in PGRW is very weak, regular and smooth, incomparison with the large values and variability in PGL (these values and variability are evenlarger in PG0). Although the mean vertical velocities in the interior are similar in all models (of theorder of 5·10-7 m s-1 , seeFig. 2), mean verticalvelocitiesreachmore than1 0 -5 m s-1 alongtheboundaries inPGL andPG0, i.e.more than20 times theinterioraveragevelocities.Thetotalverticaltransportsoccurringalongtheboundariesareaccordinglylarge(around30SvforPGLand40 Sv for PG0 atadepthof 2000 m, compared to12 Sv peakingat700 m for PGRW). In thenorth-eastcorner,downwelling inPGL andPG0 sums up toafew Sverdrups andcontributessignificantlytotheMOSF andZOSF intensity,butalsototheheatbudgetof thedeepwater(inspiteof theweakverticalgradientof temperatureinthisregion).Theverticalvelocitiesalongthewestern boundary differby almost anorder of magnitudefrom PGRW toPGL or PG0, asexpectedfromthescalingbasedonthelateralboundarylayerparameterization(section2c).Thenetupwellingintegratedalongthewesternboundary(givenincolumn13of Table3) reaches6 Sv (ata depth of 850 m) in PGL, 12 Sv in PG0, but less than 2 Sv (maximum at 250 m) in PGRW.ThisfeatureisoftenrelatedtotheVeroniseffect(1975�seesection5b):largeverticalvelocities(transportingheatdownward) balancethestrong horizontaldiffusion of heatacross thesteeplysloping isopycnals intheGulf Stream. Veronis� analysisof Holland�s (1971) numericalexperimentspointedoutlargeupwellingintheWBC(duetothelargehorizontaldiffusivity)as thecauseforthegeneraldownwelling atthebaseof thethermocline,incontradictionwithStommel-Arons (1960) theorybased on thenetupward flow atthebaseof thethermocline(balancingthedeep-waterformation).Masuda andUehara(1992), Gough andWelch (1994) andmore recently

20Lazar et al. (1999) related this downwelling, both analytically, statistically and numerically, to thehorizontal mixing of tracer. Indeed Holland resolved this problem in a later experiment byreducing the horizontal diffusivity from 5000 to 3000 m2 s-1. Even with the low valuewe use here(700 m2 s-1), the western upwelling remains large in PGL and PG0, whilemost of theinteriorstillshows upwelling in agreement with southward flow at depththrough theSverdrup balance.Theseverticalvelocitiessurely decreasetheefficiencyof thethermohalinecirculationintwo ways: bypumping cold water out of the deep WBC into the WBC (�shortcut� for thedeepwaterpath),andby producingdeepwaters by downwelling inthenorth-eastcornerthatwarm thewaters formedbydeepconvectioninthecoolermid-northern regions. Finally,thehighermass transports causedby thisWBC upwellingandnorth-eastdownwelling areassociatedwiththewarmest bottomwatersandlowerpolewardheattransport.d. The mean stratificationFigure 7 shows latitude-depth sections of the zonally averaged temperature in the thermocline.Straub (1996) points out that this field should not be very sensitive to the internal dynamics of themodel, since the boundary currents concern only a small ratio of the basin area. In fact we findsome noticeable discrepancies regarding the deep and thermocline waters temperature. The maineffect we attribute to the dynamics is to set the bottom water temperature and hence thetemperature at the base of the thermocline (since the deep waters are very weakly stratified). Thedynamics also plays a significant role in the cross-isopycnal mixing through upwelling anddownwelling along the boundaries.Mean basin, mean bottom and minimum temperatures are highly correlated in all the models(Table 3, Fig. 9a): in steady state, the cancellation of the area average of the surface heat fluxrequires that the mean surface temperature equals the mean restoring temperature, i.e. 13.5�C fortheseexperiments. Thecoldesttemperaturesreachedatthesurfaceslowly fillup thewhole deep

21basin through convection, followed by deep advection, establishing the bottom distributions. Thelowest temperatures occur along the northern boundaries (where the restoring temperature is thecoolest), usually in the western half of the basin, as a balance dominated by north-south diffusion,surface forcing and convection. Significant differences are achieved by the different models interms of bottom water temperature. The PGRW group produces the lowest values (~ 3.4�C), P G 0 thehighest(3.75�C), theLaplacianmodels beinginthemiddle (~3.54�C). At depth,PGL has amuch largerrangeof temperaturesthanPGRW (0.036�C standarddeviationcompared to0.008forthe4225mdeeplevel),sincethewatersdrivenbythedownwellinginthenorth-eastcornerare0.2�Cwarmerthantheonesformedbyconvectionalongthenorthernboundary,closetothenorth-west corner.Thechangeinthelateralboundary layerparameterizationappearstobethem o s t influential,astheinteriordissipationaccountsforonly0.05�C changefrom PGR toPGL or f r o m PGLslip to PGBslip, as long as it is not purely geostrophic (PG0 differs from these by 0.3�C).We suggest thathestrong verticaltransports alongtheboundaries, decoupledfrom staticinstabilityareas,explainalargepartof thediscrepanciesinthebottom temperatures.Indeedtheconvectiveregions aretheones withthecoldesttemperaturesatthesurface.If thedownwardvelocitiesoccurinthesame area,thedeepwaters arefedby thecoldestsurfacewaters;ifstrongdownwelling occurs elsewhere,deepwaters resultfrom amixing of watercooledby convectionandwateradvectedverticallyfrom thesurface.Thisinducesbottom temperaturesthatarehigherthanwhatcanbeexpectedfromthefirstprocessonly.Finally, the PGRW group has the sharpest thermocline, while PG0 has the most diffuse (thisisevenmoreclearlyrepresentedbythezonallyaveragedBrunt-V�is�l�frequency,notshown). ThislatterconclusiondisagreeswithZhang et al. (1992), who found a sharper thermocline in thepurely geostrophic model than in the MOM, for a slightly different configuration. We do notobserve the significant difference in the meridional overturning between PG0 and PGL thatsupport their explanation, although it is supported in terms of cross-isopycnal transports (the

22maxima of the cross-isopycnal overturning streamfunction are respectively 11.2 and 13.1 Sv forPGL and PG0). Since their conclusion holds with no wind forcing, we must consider the influenceof the horizontal grid or the details of the coding (D-grid in their model, S. Zhang personalcommunication). The upwelling along the western boundary is twice as strong in PG0 than inPGL, even in terms of diapycnal upwelling. The more diffuse thermocline in PG0 appears as aconsequence of intensified vertical mixing by upward and downward motions, in relation with thehigher bottom water temperature. Since the vertical transports occurring in the interior are of thesame order of magnitude among the models, the enhanced vertical mixing is due to the verticaltransports in the lateral boundary layers, while the momentum dissipation scheme, influencing thehorizontal divergence in the interior, has almost no effect unless it is absent as in PG0.e. Poleward heat transportAt equilibrium, we integrate vertically and zonally the tracer equation to determine thecontribution of the advective and diffusive heat transports in balancing the surface heat flux. Byintegrating from the southern boundary (where no flux occurs) to any latitude, we compute theadvective and diffusive poleward heat transports, whose sum is the total ocean heat transport(equal to the integrated surface heat fluxes in steady state):

PHTyCvxyzTxyzdxdzvxyzdxdzAdv P BottomSurface BottomSurfaceWestEastWestEast.( ) ( , , ) ( , , ) ( , , )= =�Ł� �ł� �r0 0 note thatPHTyCKTyxyzdxdz

Dif P H

Bottom Surface

WestEast

.( ) ( , , ) = � r ¶ 0PHTyPHTyQxydxdyAdv Dif SurfWestEastSouthy. . .( ) ( ) ( , ' ) '+ = �

This represents the efficiency of the ocean in transporting heat northward, but depends on thesurface forcing (the choice of restoring surface boundary conditions and the associated relaxationtime scale). The diffusive PHT shows a strong sensitivity to the horizontal diffusivity (representing

23the non-resolved eddy-induced heat transport, less than 10% of the total here) while the advectivepart follows a geostrophic scaling strongly influenced by the vertical diffusivity (Bryan, 1987;Colin de Verdi�re, 1988; Bryan, 1991), setting the thermocline depth and providing the potentialenergy to the whole system in the absence of wind forcing. The actual role of the ageostrophicdynamics of the ocean is thus not trivial to foresee. In fact, the maximum advective heat transportvaries by less than 15%, from 0.21 PW (1 PW” 1 0 15 W) for PG0 to0.24 for PGRW (Table3).Such anarrow rangeof variationis surprising giventhelargedeviationsobserved inthemeridionaloverturning,suggesting apotentialbiasby thesurfaceforcing.Furthermore, themodels with the largestoverturninghavetheweakestPHT. In thenextsectionwe investigatetherelationshipbetweenthemeridionaloverturningandthethermohalineefficiencyintransportingheatpoleward.f. The thermohaline efficiencyThe amount of heat the thermohaline circulation transports poleward might crudely beestimated as the product of the overturning rate and the temperature contrast between polewardflowing thermocline water and equatorward flowing deep water: PHT � r0 C P · MOSF · DT. Wenow test the relevance of such a simple scaling for our models. Zonally-averaging our ocean, wefind a thermocline with northward velocities generally in the first 800 m and deep water withsouthward velocities below, as observed in the WBCs. The PHT of such a simple 2-layer model isproportional to the transport and the temperature difference between the upper and the lowerbranch. DT is estimated as the difference between the mean thermocline temperature (around 9�C)andthemean bottom temperature(around 4�C). Thisgives areasonableestimationof thePHT:4 ·106 J m -3 K -1 · 5 � C · 1 0 Sv = 0.2 P W .

24To assess the relevance of our simple relationship, we examine the maximum advective PHTas a function of MOSF and DT, varying as the opposite of the mean bottom temperature (thesensitivity to the thermocline temperature is biased by the restoring surface boundary condition thatimposes a 13.5�C mean surface temperature at steady state), for the different models. Although thecorrelationwithMOSF (Fig. 8a)is betterthanwiththebottom temperature(Fig. 8b), botharenegative.From thelastformula, we wereexpectingtheoppositecorrelationbetweenPHT andMOSF. But considering thestrong correlationbetweenMOSF andmean bottom temperatureforallthemodels(Fig.8c),itappearsthattheshallow todeepwatertemperaturecontrastcontrolsthePHT inspiteof thechangeintheoverturningrate.In analogywithelectricitytransportinwires(intensity»overturning),thehigherthevoltage(DT), the lower the loss of energy. And it is theoverall efficiency of the thermohaline loop that enables the ocean to transport heat poleward.These results suggest that the thermocline to deep water temperature contrast is more importantthan the overturning intensity in controlling the poleward heat transport. Both should be consideredwhen assessing a global model�s efficiency to transport heat poleward. Finally, we look at thecorrelation between the western upwelling (as a measure of the Veronis effect) and the deep watertemperature (Fig. 8d): The excellent correlation clearly shows that the shortcut of the thermohalineloop (via upwelling in the Gulf Stream between 40-60�N) does primarilyinfluencethedeepwatertemperatureandconsequentlythewholethermohalineefficiency(B�ninget al., 1995).4. EnergeticsFollowing Colin de Verdi�re (1988), we compare the potential energy balance for each models�steady state. The objective is to evaluate the dissipation rate associated with the choice ofmomentum dissipation and boundary conditions, and their consequences on the global balance.Finally we define a thermodynamic efficiency that compares well with the previously estimatedone based on the poleward heat transport and the deep water temperatures.

25a. The potential energy balanceThe potential energy equation, resulting from the basin integration of (g z) times the densityequation, leads to the balance between a source term related to the vertical mixing, two sinks fromthe convection and the momentum dissipation, and a residual term from the surface fluxes, whichtends to zero at steady state. These terms have the following expressions (in W m -2 ), withA beingthetotalsurfaceareaoftheoceanbasin:

DPE = 1AVertical Mixing K g dAVSouthNorthWestEast Bottom Surface� -( )r r

,

DPE = 1AConvection SouthNorthWest East BottomSurface g zConv x y z dV� � ( , , )

.where Conv(x,y,z) is the interior redistribution of density necessary to remove static instabilities(r0 a times theConvection term in the temperature equation in section 2a). Note that this valuedoes not depend on a reference level since:

for all

.Convx y z dz x yBottomSurface ( , , ) ( , )� = 0

The dissipation term is computed from the cross-correlation of vertical velocities and density, inorder to use the same formula whatever momentum dissipation scheme is used:

DPE = 1ADissipation BottomSurfaceSouthNorthWestEast g w dV� r

.The residual term from the surface heat flux (depending on the reference level) is alwaysnegligible after 3000 years. We simply measure the residual surface heat flux:

SHF=1ARes. Q T T dAHSouthNorthWestEast Atmosphere Surface� -( )

.In addition, we compute the kinetic energy (KE) in different ways according to the numericalgrid: on an A-grid, the velocities are weighted by the volume of the surrounding grid-box, but onthe B-grid, either an average over the 4 corners is done, to mimic the A-grid calculation, or theboundary values are weighted by one half of the volume of the grid-box. These two methods lead

26to significant differences which enlighten the important contributions of the velocities along theboundaries to the total KE:

KEAuvdVBottomSurfaceWestEast SouthNorth= +� � �1 0 2 2r ( )

.The available potential energy (APE further) is also computed in two different ways. The firstmethod follows Oort et al. (1989) and measures the departure of the isopycnals from a referencestate defined as the horizontal mean of the densities. The second method uses a more accurate butcomputationally intensive procedure, although in our study it is easily implemented due to thelinear equation of state and the box geometry. The reference stratification is determined bysuccessively tracking the coldest grid-boxes in the basin and summing up their volumes to fill thebasin layers, starting from the bottom. This gives a mean temperature for all the levels through anadiabatic redistribution of the ocean elements conserving their volume and temperature. The APEis then computed as the difference between the initial potential energy and the potential energy ofthe horizontally uniform reference state (the arbitrary reference height does not influence the resultgiven the identical thermal content of the two states). Comparison of the two methods shows theuncertainty in the determination of the APE in the ocean. Although the order of magnitude is fairlysimilar, the ordering of the models is not always the same, and the range of variation of APEusing the second method is much smaller than with the first one (first order linearization):

APExyzdVOort BottomSurfaceWestEast SouthNorth= -� � �- g2A( ( , , ) ( ))( )r r¶r¶ 2

,

APEAxyzgzdVBottomSurfaceWestEast SouthNorthRef. ( ( , , ) ~ ( ) )= -� � �1 r r

.b. Comparison of the energy balance for the different modelsAs expected from the variations in bottom water temperature, the energy diagnostics in Table 4show large variability in the APE according to the dynamical closure. The PGRW group achieves

27the lowest values, increased by a factor of 2 to 4 (depending on the formula used) for Laplacianfriction or no-slip boundary conditions. The purely geostrophic model yields the highest APE.Understanding the ordering of APE for the different models is not trivial, as it is the opposite ofthe surface to bottom density contrasts which controls the reference stratification potential energy.The ordering seems correlated with the variability in the temperature field, usually dependent onthe diapycnal velocities along the boundaries.The kinetic energy (KE) interpretation is complicated by the two formulations: the B-grid value,when available, is always bigger than the A-grid one, as the averaging smoothes the largestvelocities. The discrepancy between the two values is rather large when no-slip boundaryconditions are used, as the vorticity closure (or non-hydrostatic with small vertical friction)generates high tangential velocities at the boundaries. Thus, a major part (60% at least) of the KEin the PGRW models comes from the boundaries, while the interior velocities are weaker than inPGL. When no interior dissipation is used (PG0), the highest KE is achieved. In this case only, theuse of frictional vorticity closure (PG0W) to solve for lateral velocities with the no-normal-flowboundary condition introduces some dissipation and reduces the energy of the steady state. Usingthe same boundary condition, linear friction always induces a significantly lower KE thanLaplacian viscosity.The term arising from the surface flux in the potential energy equation is usually less than 10-4W m -2 after 3000 years of integration,inducinganaccuratebalancebetweentheothersource andsink terms. Theonlysource term for potentialenergyis thathrough verticalmixing, which wefindcomparableamongst theclosureschemes. Thisis relatedtothesimilarityof surfacetodeepwatercharacteristicsineachmodel. Sincethemean surfacetemperatureneeds tomatch themeanrestoringtemperature(13.5�C) atsteady-state,therelativevariationof thissource term is easilypredictedfrom thevariabilityof themean bottom temperature(3.5–0.2 �C) overthesurfacetobottomdifference(~10�C),i.e.afewpercentchange.

28The comparison of the sink terms is more interesting since various distributions betweenconvection and dissipation occur. First, PG0 shows an extreme case where the vertical mixingsource is entirely dissipated by convection: purely geostrophic velocities do not produce any workand the imposed no-slip boundary condition satisfies a zero net dissipation (Bryan, 1969; Colin deVerdi�re, 1988). In the Laplacian cases, convection is a sink that is twice as important asmomentum dissipation, which even reduces with lower viscosity (this is not changed by free-slipboundary conditions). The linear friction model with no-slip boundary condition, PGR, is verysimilar, with 15% more dissipation and consequently lower convection. On the other hand, thePGRW group looses potential energy mainly through KE dissipation (twice as important asconvection). A tentative interpretation is that the vertical velocity field in these models efficientlymoves the coldest water downward, having the same effect as convection (the more important rateof dissipation of energy is consistent with the lower KE with linear friction). A crude evaluation ofthis is possible with linear friction (as 2 eH KE) for PGR or PGRW (and PGRS with low verticalfriction), and this compares to the model dissipation depending on which scheme is used tocompute KE. Increasing the vertical friction coefficient in PGRS makes the part of the dissipationof vertical kinetic energy more significant, reaching 10% of the horizontal one for eV=88.5 s-1 (0.3when scaled).Thetypeof boundary conditionproves itselfimportantagainthrough itsinfluenceontheverticalvelocitiesalongtheboundary.Wealreadymeasuredtheinfluenceoftheshiftfromano-slip toano-normal-flow boundary conditionwithRayleighfriction,invertingtheratioofconvectiontodissipationPEdepletion.Comparing PG0 andPG0W is more striking,as thefrictionalvorticityclosurefor thelateralboundaries is enough togetaconvection-dissipationratioidenticaltoPGRW. Even withnointeriordissipation,thetangentialvelocitiesandassociatedverticalvelocitiesalongtheboundariesreducetheroleof convectionby 60%. Were our models abletoresolvetheRossby radius of

29deformation, the reduction of the convective adjustment contribution would acknowledge the goodperformance of the model in producing the right vertical velocities to resolve convection instead ofparameterizing it. Unfortunately, at coarse resolution, this argument is no longer relevant to drawconclusions on the performance of the models.For comparison purposes, Fig. 2 presents the vertical transports at 850 m (the base of thethermocline) and the convection region across this level for PGRW and PGL. Obviously, PGRWachieves a nice agreement between downwelling and convection in the northern regions, asopposed to PGL where the noisy vertical velocity field is rarely associated with convection.Comparing the deep convection regions (Figs. 2, 4 and 5) shows an area of the northern boundary3 times larger in PGL than PGRW, where convection is more concentrated in the western part as aconsequence of the westward velocities along the northern boundaries. The north-east cornershows more convection in PGL as the large eastward current drives all the surface water there.The high-resolution non-hydrostatic simulations of Send and Marshall (1995) show that a goodagreement between convection regions and large-scale downwelling velocities is not necessarysince convective plumes transport properties by turbulent mixing without significant net masstransports. Heat transfers by convection do not directly appear in the MOSF, although they modifythe properties of the deep waters and aid in setting up east-west pressure gradients whichultimately drive the overturning.c. A thermodynamic thermohaline efficiencyFrom a thermodynamical point of view, we can define the efficiency of the thermohalinecirculation as the ratio of the work produced by the heat input. The work produced is simply therate of dissipation (and production) of kinetic energy previously defined (column 8, Table 4), whilethe heat input is evaluated here as the total positive (or negative) integrated heat fluxes at the surfacedivided by the basin area (column 9). The ratio agrees well with our estimation of the efficiency of

30the thermohaline circulation through its poleward heat transport and its ability to produce cool deepwaters. The later is particularly relevant when looking at the maximum efficiency of a Carnot heatengine operating in a closed cycle between a cold and a warm heat source, which is maximized(but still lower than 7%) when the temperature difference is the largest (Colin de Verdi�re, 1992).5. Discussiona. The Veronis effect revisitedWith the exception of the tangential velocities along the lateral walls, the dynamical balance inthe interior of the basin is geostrophy and the effect of momentum dissipation remains fairlysmall. Hence, most of the differences we observe in the interior dynamics are due to changes in thetemperature field. In order to properly compare the velocity fields associated with each lateralboundary layer parameterization we compute their diagnostic PG dynamics for the sametemperature field, constructed as an average of the steady-state temperature fields of the 16 modelssummarized in Table 3. The results confirm the high reliability of geostrophic balance in theinterior of the basin whatever the model. However, dramatic differences occur along theboundaries: the strong horizontal tangential velocities from the frictional closures in models usingno-normal-flow boundary conditions have no counterpart in models with no-slip boundaryconditions, while the vertical velocities are totally the opposite from one group to the other (withalmost an order of magnitude difference). These astonishing differences are much stronger than ineach model�s steady state and prove that the boundary conditions are responsible for producing thelarge differences in the final steady-state temperatures.This suggests that the vertical velocities arising from the boundary condition initiate the processof increasing the slope of the isopycnals and consequently the Veronis effect. In steady state, wecompare the tracer balance terms along the western boundary in the different models. For PGL, thevertical tracer advection is the most important term in the balance (reaching 7 K y-1 at200 m),

31while the horizontal diffusion is 2 or 3 times smaller (hardly reaching 2 K y-1 ). Theimbalanceiseven larger with PG0, while for PGRW, theverticaladvectionterms reach5 K y-1 vs. 1 K y-1 forthehorizontaldiffusion. If thewhole balancewas displacedby thecross-isopycnal horizontaldiffusion,thesetermswouldlikelybethelargest.Sincetheverticaladvectionterm is much larger,it must be thedynamics thatinducethelargeupwellingandconsequentlytheVeronis effect.Thelateralboundary conditionsarethenresponsible for theupwelling,whetherthediffusion ishorizontalorisopycnal.Weinvestigatethislastpointinthenextparagraph.b. Sensitivity to horizontal or isopycnal diffusionWe observed that the horizontal diffusivity is an important parameter influencing the minimumsurface temperature achieved at the surface in these models, and thus the mean basin and bottomtemperatures. A striking linear relationship exists between these values and the horizontaldiffusivity in a log-log plot, especially for PGL (Fig. 9a). For PGRW, two regimes with differentslopes seem to occur below and above 700 m2 s-1, the latteronebeingverysimilar toPGL. Bryan(1986) concludedthathesensitivitytoK H is duetoitseffecton cross-isopycnal mixing, andassuch, anartifactof thehorizontalinsteadof isopycnalformulation. However, theverydifferentsensitivityof theupwellingalongthewestern boundary inPGL andPGRW withK H (Fig. 9b)suggeststhatthedynamicsofthemodelisequallyimportantincontrollingtheupwelling.We implemented isopycnalmixing inMOM toevaluatetheimpliedmodificationson thetemperature field (90 levels of 50 m were used on theverticalfor numericalaccuracy):thebottomwaters cool to 3.10�C (vs. 3.60�C originally for MOM with 90 levels) but a background horizontaldiffusion of 100 m 2 s-1 is requiredfor numericalstability.Notethathebackground diffusion isreallytheonlyonethatmatterssinceisopycnaldiffusion withasingletracerinthelinearequationof statecorresponds tono diffusion atall.Theadditionof theGentandMcWilliams (1990)parameterizationformesoscaleeddy-inducedtracertransport(isopycnalthicknessdiffusionof 700

32m2 s -1 ) allows us toeliminatethebackground diffusivityandthemean bottom temperaturecoolsfurther to 2.85�C (3.28�C with horizontal mixing instead of isopycnal mixing).Themean basin temperaturevariesby 0.5�C dependingon themomentum dissipationandlateralboundary layersparameterization,as much as thechangeinducedby changingtheeddymixing from horizontalto(quasi) isopycnalintheMOM, or by changingthehorizontalmixingcoefficientwithinitsrangeof uncertaintyinPGL or PGRW. Thissignificantinfluencejustifiesaposteriori our study.c. Relevance of the large upwelling in the western boundary currentWe confirm herein the conclusions of Huang and Yang (1996) that upwelling within the WBCis a substantial part of the basinwide budget. Through a 2-level analytical model, they showed thatlinear friction induces a contribution to the vertical velocity that is dominant in the WBC andtowards upwelling. Our results suggest that it is not specific to linear friction, but applies toLaplacian viscosity, to biharmonic viscosity and to the no-friction case as well, when using no-slipboundary conditions. Huang and Yang found the strongest upwelling along the western boundary,but consider it is a necessary feature of frictional western boundary layers. Their model is linearthough, and more reliable non-linear dynamics may be necessary to decide whether the upwellingis relevant to the real ocean or not. Analyzing the results from the Community Modeling Effort,B�ning et al. (1995) considered the Veronis effect as primarily responsible for the insufficientmeridional overturning rate and northward heat transport in their modeled Atlantic. In this respect,the efficient reduction of the upwelling is the most appealing achievement of the frictional closurefor tangential velocity within a no-normal-flow boundary condition framework. Nevertheless,oceanic observations and evaluations of this crucial parameter are unfortunately lacking, such thatwe cannot promote one parameterization over another until better observations of upwellingintensity are made in WBCs.

33Seidov (1996) introduced a parameterization of lateral boundary layer in the MOM allowingrealistic viscosity coefficients and showed that its influence on the thermohaline circulation was notas important as the one we observe here. Non-linear dynamics plays a significant role in thedissipation of jets normal to coasts and a proper parameterization should include the effect of thefull baroclinic instability cascade (Csanady, 1989).6. ConclusionWe have compared different parameterizations for momentum dissipation and lateral boundarylayers within the same planetary geostrophic mainframe model used at coarse resolution, withidentical tracer advection, diffusion, convection and forcing. The Reynolds stress parameterizationswe implemented are the traditional Laplacian and the higher-order biharmonic viscosity, the first-order linear Rayleigh friction (in two and three dimensions) and no momentum dissipation at all.The associated boundary conditions are either no-slip, free-slip or various frictional closures for thevelocities tangential to the boundaries within a no-normal-flow framework.The steady-state temperature fields and dynamics after 3000 years of integration allowed astraightforward classification of the models. The PGL group (Laplacian friction), typical of theModular Ocean Model (GFDL) at coarse resolution, encompasses no-slip and free-slip boundaryconditions with either Laplacian, biharmonic or Rayleigh friction. These models are characterizedby large vertical (diapycnal) velocities O(10-5 m s-1 ) alongthelateralboundaries (especiallyupwellingintheWBC anddownwelling inthenorth-eastcorner),strong WBC andoverturningtransports.TheothergroupincludesthreemodelswithhorizontalRayleighfrictionandno-normal-flowboundaryconditions:frictionalclosuresforthealong-shore velocitiesarederivedeitherf r o m avorticityequation(Winton, 1993;Winton andSarachik,1993), from therelaxationof thehydrostaticapproximationwithlinearfrictioninthevertical(Salmon, 1986, 1990) or from theadditionof biharmonic tracerdiffusion (Samelson andVallis,1997a, b). By allowinghorizontal

34recirculation of jets impinging on coasts, they achieve a significant reduction of the diapycnalvertical transports along the boundaries (by a factor of 3 to 10), yielding a more efficientthermohaline circulation: cooler deep waters, sharper thermocline, higher poleward heat transportin spite of weaker meridional overturning and WBC transport. In fact, we found that themeridional overturning is a poor indicator of the efficiency of the thermohaline circulation totransport heat poleward. Rather the deep water temperature is well correlated to the upwellingalong the western boundary and controls the poleward transport of heat.The effect of the large upwelling along the western boundary, usually related to the Veroniseffect, is two-fold: it provides a shortcut for the thermohaline loop, strongly reducing the intensityof the deep WBC as it travels southward, and cools the upper layer Gulf Stream. Both effectsreduce the poleward transport of heat. Furthermore, large western boundary upwelling is oftenassociated with a large downwelling in the north-east corner that drives to depth surface waterswarmer than those formed by deep convection. We observed differences in the deep watercharacteristics of up to 0.5�C: thisis easilycomparabletotheeffectof rotatingthemixing tensoralongtheisopycnals or theinfluenceof tracermixing coefficients.Thisconfirms recentstudiesenlighteningtheshort-cutof thethermohalineloopas primarilyresponsible for theweakNorthAtlanticpolewardheatransportinglobalmodels (B�ning et al., 1995). However, an importantimplication from this study is that the western upwelling is governed by the lateral boundary layersdynamics, and not only by the thermodynamic �Veronis� effect (at least for our coarse-resolutionmodels). Our results suggest that the large vertical velocities, arising from the horizontaldivergence of the quasi-geostrophic velocities close to the boundaries and the application of no-slipor free-slip boundary conditions, increase the slope of the isotherms and create large cross-isopycnals fluxes through the horizontal diffusion operator. Unfortunately, observational evidenceof the amplitude of diapycnal upwelling in the Gulf Stream do not allow us to decide whichparameterization is the most relevant to the real ocean. Furthermore, all the parameterizations

35implemented here have their shortcomings (inaccurate geostrophic and especially Sverdrup balancein the interior, or intense diapycnal transports along the boundaries). Therefore we believe that thecorrect representation of upwelling in WBCs, which is of utmost importance for climate models,will come from a better dynamical understanding of the eddy dissipation in WBCs. Given theinfluence lateral boundary layers have on the global mass and heat transport, we think thatphysically-based parameterizations are essential for accurate coarse-resolution ocean modeling.The parameterization of oceanic lateral boundary layers is an important and overlooked aspectof coarse-resolution climate modeling studies, far more influential than the parameterization ofReynolds stress. It is comparable to the tracer mixing parameterization in its global effects. Aproper parameterization based on observations and rationalization of the real ocean physics nearlateral boundaries (baroclinic instability cascade, non-linear effects) is required to improve theresults of our coarse-resolution OGCMs.Acknowledgments. This research was funded through a scholarship awarded to TH from theFrench Ministry of Research and Space and operating and strategic grants awarded to AJW fromNSERC, AES, CICS and the NOAA Scripps-Lamont Consortium on the Ocean�s Role inClimate. We would like to thank A. Fanning for many comments and fruitful discussions aboutthis work, R. Samelson and G. Vallis for providing their scheme and help for its implementation.APPENDIXThe different parameterizations for momentum dissipation and lateral boundary layersWe describe the equations and numerical methods used to solve for the differentparameterizations of momentum dissipation and lateral boundary layers in the planetarygeostrophic models, starting with the models most similar to the MOM and proceeding to themost dissimilar.

36PGL (Planetary Geostrophic model with Laplacian friction) is based on the same equationsas Colin de Verdi�re (1988, 1989), but written on a B-grid and employing the iterative method forsolving the horizontal velocities proposed by Winton (1993). From the equation for horizontalmomentum, we derive a single complex equation for (u+i v),

fpAH H Hk u u· + � = �10 2r� + + � + = -f u i v i A u i v p x i p yH H( ) ( ) ( )2 01r ¶ ¶

.We solve this 2-dimensional elliptic equation at each model level by Successive Over-Relaxation(SOR) for the interior velocities, the boundary speeds being set to zero in application of the no-slipboundary condition. This is not as computationally efficient as Colin de Verdi�re�s direct solutionin spectral space, but much simpler to implement (it can also easily handle irregular geometry).Furthermore, it permits lower viscosity coefficients without generating numerical noise. Laplacianfriction is widely used in numerical modeling since its scale selectivity damps out small-scaleperturbations. Similar to molecular viscosity in its stress-formulation of surface forces, its mixingscheme conserves energy in the interior and dissipates it along the boundaries by lateral stress.PGLA (Planetary Geostrophic model with Laplacian friction on A-grid) is the model usedby Colin de Verdi�re (1988, 1989). All the variables (u, v, w, T) are computed on a horizontal A-grid and the horizontal velocities are computed by direct inversion of the tridiagonal matrixresulting from the fast Fourier transform of the spatial fields. No-slip boundary conditions areused, such that only the horizontal grid for horizontal velocities differs from the previous modelPGL. The scaling of the Munk boundary layer is straightforward from the vorticity equation:

bv fw A v uz H H x y- = � -2( )

. Such a scaling leads to a dissipation length scale of (AH / b ) 1/3 . W e follow ColindeVerdi�re�s criteriontodeterminetheviscositycoefficientas afunctionof theresolutionDx: AH=[1.6-2]·bDx3=1.5·105 m 2 s-1 for D x=160 km and b at 40�N, which gives ahorizontal Ekman number E=AH/(f Dx2) of 0.06.

37PGLslip (Planetary Geostrophic model with Laplacian friction and free-slip boundarycondition) uses the same momentum dissipation as PGL, but with free-slip boundary conditions:uÆn=0 and d(uÆk)/dn=0 on the lateral walls, where n and k are vectors respectively normal andtangential to the boundary. Stewart (1989) suggests that both boundary conditions are equallyjustified at the resolution we use but points out that the no-slip choice results in no net vorticity andmeridional vorticity transport in the WBC. Dynamics are solved by the same method as PGL,with the velocities tangential to the boundary equal to the value at the closest inner point for eachSOR iteration.PGBslip (Planetary Geostrophic model with Biharmonic friction) is inspired by highresolution �eddy-resolving� models, as it uses a biharmonic operator for the horizontal friction,associated with free-slip boundary conditions. It is even more scale-selective than a Laplacianformulation, but is known to generate unfortunate local extrema in the velocity field. The horizontalmomentum equations become:

fpAuivfiuivpxipyH Hk u u· + � = � � � + + + = - + ( (H1 10 4 4 4 4 0r r ¶ ¶( ) ) )

.From the relative vorticity (z=vx-uy) equation: bv-fwz= -A4 ( zxxxx + z y y y y ), thedissipativeboundarylayer can be scaled as (A4/b)1/5. Its resolution by our grid-spacingdefinesanotherwiseunphysicalfriction coefficient: A4>b(2Dx)5=(2·10-11 m -1 s -1 ) · ( 2 · 1 6 0 k m ) 5 = 1 0 17 m 4 s-1 . Thisvalueproduces atoo narrow boundary current and is increased to 1019 m4 s-1 for the comparison.PG0 (Planetary Geostrophic model with no friction) implements the purely geostrophiccirculation with no-slip boundary conditions on lateral walls. Therefore, in the interior of thedomain, the horizontal velocities u and v are computed respectively as -py/(fr0) andpx/(fr0); theyarebothsettozeroon thelateralboundaries. Zhang et al. (1992) point out that thisparameterization depends on the grid-spacing and no convergence of the results should be expected

38when the resolution is refined. This is of course an important discrepancy with the previousmodels, whose momentum mixing formulation and boundary condition make convergencepossible. Formally, this formulation is not �well-posed� mathematically but practically, theintroduction of numerical boundary layers due to the imposition of the no-slip condition at thecoast leads to realistic solutions. This model is also used in conjunction with a free-slip boundarycondition (PG0slip) and a no-normal-flow boundary condition as described further with a non-zero linear friction just next to the boundaries (PG0W).PGR (Planetary Geostrophic model with Rayleigh friction and "no-slip" boundaryconditions) implements linear horizontal friction with zero velocities imposed at the lateralboundaries. The velocity field is then a linear combination of the horizontal derivatives of thebaroclinic hydrostatic pressure:

fpfpfH H H HHHk u u u k· + � =- � = ·� - �+10 0 2 2r e er e( )

.As in the Zhang et al. (1992) model, the velocities on the boundaries are simply set to zero. Fromthe vorticity equation:

bev f w v uz H x y- + - =( ) 0

, we get a scaling of the width of the Stommelwestern boundary layer as eH/b. If we want toproperlyresolvethisboundary layer,our horizontalgridspacingneeds tobegreaterthanthistypicalscale.Conversely, for agivenresolutionof 160km, eH needs tobegreaterthanb Dx (~3·10-6 s-1 ). Assuming avalueof 4 . 3 8 ·10-6 s-1 , thenon-dimensional Ekman number eH/f equals0.05, hencethegeostrophicbalanceholds withinafewpercentinthewhole basin. LikePG0, thismodel assumes aresolution-dependentclosurethatlacksthephysics tomatch theboundary conditions.Itis alsoimplemented withafree-slipboundary condition (PGRslip).PGRW (Planetary Geostrophic model with Rayleigh friction and Winton�s vorticityclosure) uses the same friction as PGR with a no-normal-flow boundary condition. The newunknowns are then the tangential velocities along the lateral walls, which we determine with the

39method introduced by Winton (1993). For each level, we write the frictional vorticity equations atthe center of each grid-box along the boundaries, using the unknown tangential velocities. Thisprovides as many equations as unknown velocities for each level and just requires solving a wrap-around bidiagonal matrix. The vorticity equation is the same as in PGR. Writing these equationsfor the center of the tracer boxes (since the velocities are defined at the corners) requires an averageof velocities and derivatives carried at the corners and sides of each model box, respectively. Notethat this formulation requires friction for the well-posedness of the problem since the determinantof the system for boundary velocities cancels if eH=0. Moreover, this formulation is notsuccessfulforsolvingacross-equatorialbasincirculation.Thisproceduregenerateslargehorizontalvelocitiesalongtheboundaries,butreducestheverticalvelocitiesalongtheverticalwallscomparedtotheno-slipboundary conditionsas shown inthescaling(section2c).Thus, aflow hittingalateralwallrecirculateshorizontallyintheboundarycurrent,insteadofverticallyinanintensedownwelling orupwellingwhennotangentialvelocitiesarepermitted.Sincethetangentialvelocitiesincreasewhenthegrid-spacingdecreases,realisticresultsrequirethattheresolutionremainscoarse.PGR4 (Planetary Geostrophic model with Rayleigh friction and biharmonic tracerdiffusion) uses linear friction as well with a no-normal-flow boundary condition, but the tangentialvelocities along the boundaries are determined through the addition of a biharmonic operator forthe tracer diffusion. For the details of this formulation, the reader is referred to Samelson andVallis (1997a, b): The biharmonic diffusion coefficient (K4 = 4 . 4 · 1 0 14 m 4 s-1 ) is chosen accordingtothesereferencestoreducethediapycnalfluxesbyhorizontaldiffusionintheWBC.Finally, PGRS (Planetary Geostrophic model with Salmon�s 3-d linear friction) is based onthe full linear equations used by Salmon (1986, 1990):

fpH H H =k u u· + � -10r e

,

1 0r ¶ ¶ r e p z g wV + � Ł� � ł�=-

.Salmon (1990) and Samelson and Vallis (1997a, b) resolved this system in numerical modelswith eH=eV. Salmon (1986) worked outaboundary layeranalysiswhere hepointedouttheclassicalStommel western boundary, of scale(eH/b)=O(250 km) and a non-hydrostatic lateralzone, of scale (eVH/f)=O(200 m). Willingtoresolvethelatterwithoutrefiningour coarseresolution,wedecidedtouseafrictioncoefficientgreaterintheverticalthaninthehorizontal:wemanaged toincreasethelatterlengthscalesuch thatitwould bepartiallyresolvedby ourresolution,withoutperturbingsignificantlythehydrostaticapproximationintheinteriorof thebasin.Thereasonfortheartificialverticalfrictionisthewell-posednessof thesystem: maintaininghydrostasy as wellas horizontalfrictional-geostrophywould entirelydeterminethehorizontalbaroclinicvelocityfield,which couldnevermatch theno-normal-flow boundary conditionf r o m thebottomtothesurfaceofthelateralwalls.An alternative solution is used in the previous model (Samelson and Vallis,1997a, b) toavoidtheresolutionof a3-dimensional problem: retainingthehydrostaticapproximationbutaddingabiharmonic diffusion of temperaturetoallowzeroheatfluxacross theboundaries. Nevertheless,relaxingthehydrostaticapproximationis verycostlynumerically,as oneshifts from a2-d (perlevel)toafully3-d problem. Theellipticpartialdifferentialequationfor pressure is derivedbywritingthevelocitiesas functionsof thefirst order derivativesof pressure anddensity(from themomentumequations)inthecontinuityorthevorticityequation:

ebebeerH xx yy H x H y HV zz zp p f p ff p f p g( ) ( )+ + -+ - + + + + =2 22 2 2 2 2 22 0

.The no-normal-flow boundary conditions are given in terms of the normal and right-handedpressure derivatives (respectively noted by the subscripts n and s) from solving the horizontalmomentum equations for the horizontal velocities (similar to PGR):

u n� = � + = 0 0 e H n s

p f p

.These are oblique boundary conditions where the tangential derivative is weighted by a muchlarger coefficient than the normal one, a characteristic that makes the solution even morecomplicated as it generates large off-diagonal coefficients in the resolution matrix. The idealizedgeometry allows a simple decomposition of the solution in terms of vertical modes for pressure.The equations derived for each vertical mode and the details of the solution technique can be foundin Huck (1997).The time stepping is a leapfrog scheme for the advection and Euler backward scheme for thediffusion, occasionally mixed by forward Euler time steps (Euler-backward in the MOM) onceevery 7 to 17 time steps, except in PGLA where a Matsuno time-stepping proved faster, althoughit requires the evaluation of diffusion and advection terms twice every time-step. The allowabletime step depends largely on the momentum dissipation choice and boundary conditions,extending from 1 day with the MOM code or PG0 to 6 days in PGRS or PGRW. The limitingfactor is often the CFL criteria for the vertical advection (but for the northward advection in PGRSand PGRW) in the PG models, which has been related to the speed of frictional waves along theboundaries (Colin de Verdi�re, 1988; Killworth, 1985). The baroclinic instability in PG equationsdescribed by Colin de Verdi�re (1986) does not occur in our experiments, because of the strongsurface restoring boundary condition and the horizontal diffusion of tracer and momentum.REFERENCESB�ning, C. W., W. R. Holland, F. O. Bryan, G. Danabasoglu and J. C. McWilliams. 1995. An overlookedproblem in model simulations of the thermohaline circulation and heat transport in the Atlantic ocean. J.Climate, 8, 515-523.Bryan, F. 1987. Parameter sensitivity of primitive equation ocean general circulation models. J. Phys.Oceanogr., 17, 970-985.Bryan, K. 1962. Measurements of meridional heat transport by ocean currents. J. Geophys. Res., 67, 3403-3414.

42Bryan, K. 1969. A numerical method for the study of the circulation of the world ocean. Journal ofcomputational physics, 4, 347-376.Bryan, K. 1991. Poleward heat transport in the ocean - A review of a hierarchy of models of increasingresolution. Tellus, 43 AB, 104-115.Chassignet, E. P. and P. R. Gent. 1991. The influence of boundary conditions on midlatitude jet separation inocean numerical models. J. Phys. Oceanogr., 21, 1290-1299.Colin de Verdi�re, A. 1986. On mean flow instabilities within planetary geostrophic equations. J. Phys.Oceanogr., 16, 1981-1984.Colin de Verdi�re, A. 1988. Buoyancy driven planetary flows. J. Mar. Res. , 46, 215-265.Colin de Verdi�re, A. 1989. On the interaction of wind and buoyancy driven gyres. J. Mar. Res., 47, 595-633.Colin de Verdi�re, A. 1992. On the oceanic thermohaline circulation. Modelling the ocean-climateinteractions, J. Willebrand and D. L. T. Anderson, Springer-Verlag, Berlin, 151-183.Cox, M. D. 1987. Isopycnal diffusion in a z-coordinate ocean model. Ocean Modelling, 74, 1-5.Csanady, G. T. 1989. Energy dissipation and upwelling in a western boundary current. J. Phys. Oceanogr., 19,462-473.Danabasoglu, G. and J. C. McWilliams. 1995. Sensitivity of the global ocean circulation to parameterizationsof mesoscale tracer transports. J. Climate, 8, 12, 2967-2987.Danabasoglu, G., J. C. McWilliams and P. R. Gent. 1994. The role of mesoscale tracer transports in the globalocean circulation. Science, 264, 1123-1126.Duffield, A. 1993. Thermally-driven Gulf Stream. B. Sc. thesis, Flinders University of South Australia.Gent, P. R. and J. C. McWilliams. 1990. Isopycnal mixing in ocean circulation models. J. Phys. Oceanogr., 20,150-155.Gent, P. R., J. Willebrand, T. J. McDougall and J. C. McWilliams. 1995. Parameterizing eddy-induced tracertransports in ocean circulation models. J. Phys. Oceanogr., 25, 463-474.Gent, P. R. and J. C. McWilliams. 1996. Eliassen-Palm fluxes and the momentum equation in non-eddy-resolving ocean circulation models. J. Phys. Oceanogr., 26, 2539-2546.Gough, W. A. and W. J. Welch. 1994. Parameter space exploration of an ocean general circulation model usingan isopycnal mixing parameterization. J. Mar. Res., 52, 773-796.

43Greatbatch, R. J. and K. G. Lamb. 1990. On parameterizing vertical mixing of momentum in non-eddy resolvingocean models. J. Phys. Oceanogr., 20, 1634-1637.Haney, R. 1971. Surface thermal boundary condition for ocean circulation models. J. Phys. Oceanogr., 1, 241-248.Hasselmann, K. 1982. An ocean model for climate variability studies. Prog. Oceanogr., 11, 69-92.Hirst, A. C. and T. J. McDougall. 1996. Deep-water properties and surface buoyancy flux as simulated by a Z-coordinate model including eddy-induced advection. J. Phys. Oceanogr., 26, 1320-1343.Holland, W. 1971. Ocean tracer distributions - a preliminary numerical experiment. Tellus, 23, 371-392.Huang, R. X. and J. Yang, 1996. Deep-water upwelling in the frictional western boundary layer. J. Phys.Oceanogr., 26, 2243-2250.Huck, T. 1997. Modeling the large-scale ocean thermohaline circulation: Analysis of its interdecadalvariability. Ph. D. thesis manuscript, Universit� de Bretagne Occidentale, Brest, France, 300 pp.Killworth, P. 1985. A two-level wind and buoyancy driven thermocline model. J. Phys. Oceanogr., 15, 1414-1432.Lazar, A., G. Madec and P. Delecluse. 1999. The deep interior downwelling, the Veronis effect and mesoscaletracer transport parameterization in an OGCM. J. Phys. Oceanogr., in press.McCartney, M. S. and L. D. Talley. 1982. The subpolar mode water of the North Atlantic ocean. J. Phys.Oceanogr., 12, 1169-1188.Masuda, A. and K. Uehara. 1992. A reduced-gravity model of the abyssal circulation with Newtonian coolingand horizontal diffusion. Deep-Sea Res., 39, 1453-1479.Munk, W. H. 1950. On the wind-driven ocean circulation. J. Meteorology, 7, 2, 79-93.Oort, A. H., S. C. Ashcher, S. Levitus and J. P. Peix�to. 1989. New estimates of the available potential energyin the world ocean. J. Geophys. Res., 94, 3187-3200.Pacanowski, R., Dixon, K. and A. Rosati. 1991. The GFDL Modular Ocean Model, Users Guide Version 1.0.GFDL Ocean Group Technical Report #2, 46 pp.Phillips, N. A. 1963. Geostrophic motion. Rev. Geophysics Space Physics, 1, 123-176.Rahmstorf, S. 1993. A fast and complete convection scheme for ocean models. Ocean Modelling, 101.Redi, M. 1982. Oceanic isopycnal mixing by coordinate rotation. J. Phys. Oceanogr., 12, 1154-1158.

44Rhines, P. B. and W. R. Young. 1982. Homogenization of potential vorticity in planetary gyres. J. Fluid. Mech.,122, 347-367.Robinson, A. and H. Stommel. 1959. The oceanic thermocline and the associated thermohaline circulation.Tellus, XI, 3, 295-308.Robitaille, D. Y. and A. J. Weaver. 1995. Validation of sub-grid scale mixing schemes using CFCs in a globalocean model. Geophys. Res. Letters, 22, 2917-2920.Salmon, R. 1986. A simplified linear ocean circulation theory. J. Mar. Res., 44, 695-711.Salmon, R. 1990. The thermocline as an "internal boundary layer". J. Mar. Res., 48, 437-469.Samelson, R. M. and G. K. Vallis. 1997a. A simple friction and diffusion scheme for planetary geostrophicbasin models. J. Phys. Oceanogr., 27, 186-194.Samelson, R. M. and G. K. Vallis. 1997b. Large-scale circulation with small diapycnal diffusion: The two-thermocline limit. J. Mar. Res., 55, 223-275.Seidov, D. 1996. An intermediate model for large-scale ocean circulation studies. Dyn. Atmos. Oceans, 25, 25-55.Semtner, A. J. 1986. Finite-difference formulation of a world ocean model. Proceedings of the NATO AdvancedStudy Institute on Advanced Physical Oceanographic Numerical Modelling, D. Reidel Publishing Co,Dordrecht.Semtner, A. J. and R. M. Chervin. 1988. A simulation of the global ocean circulation with resolved eddies. J.Geophys. Res., 93, 15,502-522.Send, U. and J. Marshall. 1995. Integral effects of deep convection. J. Phys. Oceanogr., 25, 855-872.Stewart, R. W. 1989. The no-slip constraint and ocean models. Atmos.-Ocean, 27, 542-552.Stommel, H. 1948. The westward intensification of wind-driven ocean currents. Transactions, AmericanGeophysical Union, 29, 2, 202-206.Stommel, H. and A. B. Arons. 1960. On the abyssal circulation of the world ocean. II: An idealized model ofthe circulation pattern and amplitude in oceanic basins. Deep-Sea Res., 6, 217-233.Straub, D. N. 1996. An inconsistency between two classical models of the ocean�s buoyancy driven circulation.Tellus, 48A, 477-481.Tandon, A. and C. Garrett. 1996. On a recent parameterization of mesoscale eddies. J. Phys. Oceanogr., 26,406-411.

45Veronis, G. 1973. Large scale ocean circulation. Adv. Applied Mechanics, 13 , 1-92.Veronis, G. 1973. Models of world ocean circulation: 1. Wind-driven, two layer. J. Mar. Res., 31, 228-289.Veronis, G. 1975. The role of models in tracer studies. Numerical models of the ocean circulation, 133-146.Nat. Acad. of Sciences, Washington DC, 14pp.Verron, J. and E. Blayo. 1996. The no-slip condition and separation of western boundary currents. J. Phys.Oceanogr., 26, 1938-1951.Weaver, A. J. and M. Eby. 1997. On the numerical implementation of advection schemes for use in conjunctionwith various mixing parameterizations in the GFDL Ocean Model. J. Phys. Oceanogr., 27, 369-377.Weaver, A. J. and E. S. Sarachik. 1991. Evidence for decadal variability in an ocean general circulation model:an advective mechanism. Atmos.-Ocean, 29, 197-231.Welander, P. 1959. An advective model of the ocean thermocline. Tellus, XI, 3, 309-318.Winton, M. and E. S. Sarachik. 1993. Thermohaline oscillations induced by strong steady salinity forcing ofocean general circulation models. J. Phys. Oceanogr., 23, 1389-1410.Winton, M. 1993. Numerical investigations of steady and oscillating thermohaline circulations. Ph. D. thesis,University of Washington, 155 pp.Zhang, S., C. A. Lin and R. J. Greatbatch. 1992. A thermocline model for ocean-climate studies. J. Mar. Res.,50, 99-124.

46ModelHorizontalmomentumdissipationVerticalmomentumdissipationLateralboundaryconditionsHorizontalgridNumber ofverticallevelsReferencesMOM

AAH H V ZZ� +2 u u

+nonlinear termsflno-slipB15 (90)Pacanowski et al. 1991PGL

AH H� 2 u

flno-slipB15PGLA flno-slipA15Colin de Verdi�re 1988PGLslip flfree-slipB15PGBslip

-�A H4 4 u

flfree-slipB15PG0flflno-slipB15Zhang et al. 1992PG0slipflflfree-slipB15PG0Wflflno-normal-flow*B15PGR

-e H u

flno-slipB15Zhang et al. 1992PGRslip flfree-slipB15PGRW flno-normal-flow*B15 / 90Winton 1993PGR4 flno-normal-flow�B15Samelson and Vallis 1997abPGRS

-e H u-e V w

no-normal-flow�B90Salmon 1986Table 1. Models description and references.* tangential velocities determined through solving frictional vorticity equation along theboundaries� hydrostatic approximation is relaxed by adding vertical linear friction (-e V w ) � biharmonic diffusion is added to the tracer equation to determine the tangential velocities

47Boundary conditionViscosityno-slipfree-slipno-normal-flow+ frictional closurefor tangential velocitiesnonePG0PG0slipPG0W*Rayleigh (-

eH u

)PGRPGRslipPGRW* , PGRS� , PGR4�Laplacian (

AH � 2 u

)MOM, PGL, PGLAPGLslip(not implemented)Biharmonic (-

A4 4� u

)(not implemented)PGBslip(not implemented)Table 2. Model summary: momentum dissipation and boundary conditions.All dynamical boundary conditions imply no mass transport across the boundaries. In addition,no-slip adds the constraint of zero tangential velocities along the lateral boundaries, while free-sliprequires the normal derivative of tangential velocities to vanish along the boundary (no stress); no-normal-flow allows tangential velocities along the boundaries that need to be determined throughan additional equation. Note that MOM, PGL and PGLA refer to our control experiments.* tangential velocities determined through solving frictional vorticity equation along theboundaries� hydrostatic approximation is relaxed by adding vertical linear friction (-e V w ) � biharmonic diffusion is added to the tracer equation to determine the tangential velocities

48exp.#ModelViscosity[m2s-1]MeanTemp.[�C]B o t t o m Temp.[�C]Min.Temp.[�C]max.MOSF[Sv]max.a PHT[PW]max.PHT[PW]max.G S[Sv]pos.max.[�N]min.ZOSF[Sv]max.ZOSF[Sv]West.Upw.[Sv]1MOMAV=10-34.2283.5313.46115.42.2204.230815.0 42-4.087.62 5.062MOMAV=04.230 3.5333.46415.39.2204.230815.0 43-4.047.875.053PGL 4.237 3.5393.47015.45.2219.232115.342-3.847.995.144PGLA4.2513.547 3.47815.47.2203.2304 14.943-3.688.125.845PGLslip4.1893.477 3.40511.14.2258.236016.038 -3.748.644.906PGBslip4.2383.5093.43410.70.2235.234115.040-3.549.385.877PG04.5303.7483.65315.57.2133.224819.233-2.6012.1012.308PG0slip4.2623.5293.44910.91.2238.234616.634-3.569.676.309PG0W4.1273.4133.3887.57.2477.260214.330-2.03 3.702.9510PGR4.1713.5133.44114.25.2142.223611.842 -3.46 6.894.7511PGRslip4.1123.4583.40212.49.2175.226812.042-3.077.123.7812PGRW4.056 3.4043.3899.00.2374.247110.540 -2.302.791.9413PGR44.2003.6023.5867.98.2287.23899.737-0.442.140.6314PGRW90 levels4.0833.4163.4019.09.2378.248910.440-2.212.851.9315PGRSev�=0.034.0803.4063.3928.71.2375.248610.339-1.992.751.7716PGRSev�=0.34.0613.3463.3297.63.2330.24429.538-1.362.451.46Table 3. Steady-state diagnostics for the different numerical experiments.Rows 1 and 2 show the small influence of the vertical viscosity in the MOM, given the largehorizontal viscosity used. Rows 2 to 16 implement Rahmstorf�s full convection scheme and novertical viscosity. Column 1 is the experiment number, while column 2 is the model name.Column 3 is the mean basin temperature; column 4 is the bottom temperature averaged from 3950to 4500 m; column 5 is the minimum temperature achieved at the surface and extending to thelower levels by deep convection. Column 6 is the maximum meridional overturning. Column 8(7) is the maximum (advective) poleward heat transport. Column 9 is the maximum thermally-driven Gulf Stream transport, whose the latitude is given in column 10. Columns 11 and 12 are theminimum and maximum of the zonal overturning streamfunction. Column 13 is the maximumover depth of the vertical transport in the one-grid-box wide region extending along the wholewestern boundary (a measure of the Veronis effect).

49ModelKEA-grid[J m-2]KEB-grid[J m-2]APEOort[105 J m-2]APERef.[105 J m-2]D PE Vert.Mixing[10-3 W m-2]-D P E C o n v e c t i o n [10-3W m-2]-D P E D i s s i p a t i o n [10-3W m-2]ResidualSHF[W m-2]Q=HeatInput[W m-2]Efficiency=Dissip/Q[10-5]MOMAV=01041178.753.511.991.330.664.84·10-512.575.25PGL1101247.963.471.991.340.651.70·10-512.625.16PGLA112997.943.512.001.370.631.20·10-512.485.05PGLslip1441505.593.132.001.350.653.69·10-513.164.93PGBslip1872128.153.211.961.390.565.70·10-312.944.33PG021243613.004.231.911.910.001.98·10-611.890.00PG0slip2032589.353.281.951.430.531.85·10-512.894.12PG0W2173122.261.962.020.721.304.55·10-414.708.83PGR73877.823.282.001.230.77(0.76)2.10·10-511.366.78PGRslip82856.112.941.971.140.83(0.75)4.47·10-511.677.10PGRW1081622.021.722.020.641.38(1.42)3.81·10-413.1710.50PGR41161342.0761.801.940.821.12(1.17)2.00·10-313.808.12PGRSev�=0.031041512.0081.911.980.65(0.07)1.33(1.32)3.13·10-413.1710.10PGRSev�=0.3961312.0141.991.990.68( 0 . 2 3 ) 1.32( 1 . 1 5 ) 5.15·10-412.8910.24Table 4. Energy balance for different steady-states.Column 1 is the model name. Columns 2 and 3 give the kinetic energy computed on an A and Bgrid. Columns 4 and 5 give estimations of the available potential energy using the Oort formula orvia the method given in section 4a. Columns 6, 7 and 8 show the various contributions to thepotential energy balance: the vertical mixing source term and the convective and dissipative sinks.The numbers in parenthesis refer to the estimation of vertical and horizontal linear dissipation ofkinetic energy computed as 2 eV KEVertical and 2 eH KE. The residual mean surface heat flux is givenin column 9. Column 10 is the heat input, while column 11 gives thethermodynamic efficiencyastheratioof thework produced(rateof productionor dissipationof KE) overtheheatinputQ . Computationaldetailsaregiveninsection4.

50Figure captionsFigure 1. Mean temperature [�C]andhorizontalvelocitiesintheupper850m(thermocline)for (a)PGRW, (b) PGL and(c)PG0. Thescalefor velocitiesis 1 cm s-1 perdegree.Notethewesternboundarycurrentovershoot,characteristicoftheLaplacianviscosity.Figure2.Verticaltransports[Sv]atthebaseofthethermocline(850m)andregions of convectionbelow 250 (dash-dotted line) and 850 m (dashed line) for (a) PGRW, (b) PGL and(c)PG0. Solidcontours arefor verticalvelocities( - 1 0 -5, 0 and1 0 -5 m s-1 ). Thedownwelling regions areshadedandtheappropriateverticaltransports arethendownward. Notethelargeandirregulartransportsalong the boundaries in PGL and PG0 compared to PGRW.Figure 3. Accuracy of (a) geostrophic and (b) Sverdrup balancefor various models. Percentageofthevolume of thebasin (ordinate)satisfyingthebalancewithinagivenrelativetolerance(abscissa):

er ebGeostrophic Sverdrup ;= · +�· + � = -+2 200 f pf p v fwv fwHH zzk uk u

.Figure 4. Meridional overturning streamfunction [Sv; 1 Sv” 1 0 6 m 3 s—1 ] andmaximum depthofconvection(dashed line)for (a)PGRW, (b) PGL and(c)PG0. Notethelargevariationinthemaximum intensity and its position, as well as the more localized convection regions in PGRW.Figure 5. Zonal overturningstreamfunction[Sv], meridionally-averagedisotherms (dashed lines)andmaximumconvectiondepthoverlatitude(shadedarea)for(a)PGRW, (b) PGL and(c)P G 0 . Note the slope of the isotherms in the western boundary current for PGL andthenarrow regionofdeep convection in PGRW.

51Figure 6. Vertical velocities [10-5 m s-1 ] alongtheboundaries, clockwisefrom thesouth-westcorner to the north-west, north-east, south-east and back to south-west, for PGL, PGRW and PG0.Figure 7. Zonally-averagedtemperatureinthethermocline[�C] andmaximum depthofconvection(dashed line)for (a)PGRW, (b) PGL and(c)PG0. Thethermoclinebecomes morediffuse,mainlybecauseofthewarmerdeepwatertemperatures.Figure 8. Cross correlationsof thediagnosticsfor the16 experiments inTable3. M a x i m u m advectivepolewardheatransport[ P W ”1015 W] as a function of (a) meridional overturning and(b) mean bottom temperature. (c) Meridional overturning and (d) western upwelling as a functionof mean bottom temperature. r is the correlation coefficient (the 95% confidence level for the 16models used is 0.48) and the solid line is the linear regression solution.Figure 9. (a) Minimum, mean bottom and mean basin temperature [�C] for PGL (solid lines)andPGRW (dashed lines)as afunctionof horizontaltracerdiffusivityina log-log plot. For eachmodel, the upper curve is the mean basin temperature, the middle one is the mean bottomtemperature (at 4225 m deep) and the lower curve is the minimum temperature, usually achievedfrom the surface to the bottom through convection. Note the shift between the 2 lowest curves forPGL compared to PGRW (related to the variability in the deep water temperatures) and theinversion at low diffusivity due to numerical problems (high Peclet number). (b) Maximum overdepth of the upwelling integrated along the western boundary (x) and meridional overturning forPGL (solid) and PGRW (dashed). Note the positive correlation between the 2 in PGL (0.68) butnegative in PGRW (-0.91).

52

53On the influence of the parameterization of lateral boundary layerson the thermohaline circulation in coarse-resolution ocean modelsTHIERRY HUCK, AN D R E W J. WEAVER AND ALAIN COLIN DE VERDIØREABSTRACT21. INTRODUCTION32. THE MODELS6a. The planetary geostrophic dynamics6b. Various parameterizations for Reynolds stress and lateral boundary layers9c. A scaling for the vertical velocities in various lateral boundary layers11d. Model geometry, parameters and forcing12e. Preliminary grouping of the models and their results133. THE VERONIS EFFECT AND THE EFFICIENCY OF THE THERMOHALINECIRCULATION14a. The mean circulation14b. The geostrophic and Sverdrup balances15c. Vertical velocities and overturnings17d. The mean stratification20e. Poleward heat transport22f. The thermohaline efficiency234. ENERGETICS24a. The potential energy balance25b. Comparison of the energy balance for the different models26c. A thermodynamic thermohaline efficiency295. DISCUSSION30a. The Veronis effect revisited30b. Sensitivity to horizontal or isopycnal diffusion31

54c. Relevance of the large upwelling in the western boundary current326. CONCLUSION33APPENDIX: THE DIFFERENT PARAMETERIZATIONS FOR MOMENTUMDISSIPATION AND LATERAL BOUNDARY LAYERS35REFERENCES41TABLE 1. MODEL DESCRIPTION AND REFERENCES.46TABLE 2. MODEL SUMMARY: MOMENTUM DISSIPATION AND BOUNDARYCONDITIONS.47TABLE 3. STEADY-STATE DIAGNOSTICS FOR THE DIFFERENT NUMERICALEXPERIMENTS.48TABLE 4. ENERGY BALANCE FOR DIFFERENT STEADY-STATES.49FIGURE CAPTIONS50